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We have conducted high-pressure, high-temperature isotope exchange experiments between molten 
silicate and molten Fe–Si–C-alloys to constrain the effect of Si on equilibrium Fe isotope fractionation 
during planetary core formation. The values of �57FeMetal-Silicate at 1850 ◦C and 1 GPa determined by 
high-resolution MC-ICP-MS in this study range from −0.013 ± 0.054� (2SE) to 0.072 ± 0.085� with 
1.34–8.14 atom % Si in the alloy, respectively. These results, although not definitive on their own, are 
consistent with previous experimental results from our group and a model in which elements that 
substitute for Fe atoms in the alloy structure (i.e., Ni, S, and Si) induce a fractionation of Fe isotopes 
between molten silicate and molten Fe-alloys during planetary differentiation. Using in situ synchrotron 
X-ray diffraction data for molten Fe-rich alloys from the literature, we propose a model to explain 
this fractionation behavior in which impurity elements in Fe-alloys cause the nearest neighbor atomic 
distances to shorten, thereby stiffening metallic bonds and increasing the preference of the alloy for 
heavy Fe isotopes relative to the silicate melt. This fractionation results in the bulk silicate mantles of 
the smaller terrestrial planets and asteroids becoming isotopically light relative to chondrites, with an 
enrichment of heavy Fe isotopes in their cores, consistent with magmatic iron meteorite compositions. 
Our model predicts a bulk silicate mantle δ57Fe ranging from −0.01� to −0.12� for the Moon, −0.06�
to −0.33� for Mars, and −0.08� to −0.33� for Vesta. Independent estimates of the δ57Fe of primitive 
mantle source regions that account for Fe isotope fractionation during partial melting agree well with 
these ranges for all three planetary bodies and suggest that Mars and Vesta have cores with impurity (i.e., 
Ni, S, Si) abundances near the low end of published ranges. Therefore, we favor a model in which core 
formation results in isotopically light bulk silicate mantles for the Moon, Mars, and Vesta. The processes 
of magma ocean crystallization, mantle partial melting, and fractional crystallization of mantle-derived 
melts are all likely to result in heavy Fe isotope enrichment in the melt phase, which can explain why 
basaltic samples from these planetary bodies have variable δ57Fe values consistently heavier than our 
bulk mantle estimates. Additionally, we find no clear evidence that Fe isotopes were fractionated to a 
detectable level by volatile depletion processes during or after planetary accretion, although it cannot be 
ruled out.

© 2019 Elsevier B.V. All rights reserved.
1. Introduction

The ubiquity of Fe in the three major geochemical reservoirs 
in terrestrial planets – cores, mantles, and crusts – makes the 
Fe isotope system potentially powerful for understanding plane-
tary differentiation. The Fe isotope compositions of planetary sam-
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ple suites show significant variations relative to the narrow range 
found in chondrites, the average of which is δ57Fe = ∼0� (rel-
ative to IRMM-014; Craddock and Dauphas, 2011), which implies 
that fractionations were produced by processes during and/or after 
planetary accretion. Magmatic iron meteorites almost ubiquitously 
have Fe isotope compositions that are heavy relative to chon-
drites, with δ57Fe values ranging from close to chondritic up to 
0.32� (Poitrasson et al., 2005; Williams et al., 2006). Although 
non-magmatic iron meteorites span a similar range in composi-
tions, we do not consider them further as they are likely not 
the direct products of core formation, but rather other processes 
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such as collisional heating. Interestingly, planetary silicate reser-
voirs span a similar range. Basaltic shergottites and non-cumulate 
eucrites, lavas from Mars and Vesta, respectively, both range from 
slightly negative to positive δ57Fe values (Poitrasson et al., 2004;
Weyer et al., 2005; Schoenberg and von Blanckenburg, 2006; Wang 
et al., 2012; Sossi et al., 2016a). Lunar basalts span a comparatively 
large range, from slightly negative values in volcanic glasses to 
very heavy values in high-Ti mare basalts (Poitrasson et al., 2004;
Weyer et al., 2005). Terrestrial mantle xenoliths span a large range 
from roughly −0.8� to 0.2�, in part due to the effects of meta-
somatism, alteration, and melt extraction (Weyer and Ionov, 2007;
Zhao et al., 2010; Craddock et al., 2013; Poitrasson et al., 2013;
Williams and Bizimis, 2014). However, a prominent peak in the 
global peridotite dataset close to the chondritic value provides 
evidence that Earth’s upper mantle has a δ57Fe near chondrites 
(see review by Dauphas et al., 2017). Mid-ocean ridge basalts 
(MORBs) are ubiquitously fractionated to fairly homogeneous δ57Fe 
of ∼0.15�, which is generally thought to be caused by partial 
melting (Williams et al., 2005; Weyer and Ionov, 2007; Craddock 
et al., 2013; Teng et al., 2013; Dauphas et al., 2014).

The differences in Fe isotope systematics between planetary 
samples have been attributed to various mechanisms. Crystal/liquid 
fractionation during fractional crystallization and mantle melting 
plays a role in generating the variability observed in lunar basalts, 
shergottites, and the abyssal peridotite-MORB offset (Weyer and 
Ionov, 2007; Craddock et al., 2013; Dauphas et al., 2014; Sossi 
et al., 2016a). However, the two fractionation mechanisms most 
frequently discussed are volatile depletion and core formation. 
The debate between these two mechanisms is largely a prod-
uct of uncertainty regarding the δ57Fe of bulk planetary mantles 
and the paucity of experimentally-determined fractionation factors 
between silicate minerals and melts, metallic melts, and vapors. 
There has been significant debate over whether core-mantle equi-
libration during planetary differentiation results in Fe isotope frac-
tionation (Poitrasson et al., 2009; Hin et al., 2012; Shahar et al., 
2015, 2016; Elardo and Shahar, 2017; Liu et al., 2017) and how im-
portant this effect is relative to other mechanisms (e.g., Poitrasson 
et al., 2004; Weyer et al., 2005; Schoenberg and von Blancken-
burg, 2006; Poitrasson, 2007; Williams et al., 2012; Sossi et al., 
2016a, 2016b). Our previous work has shown that Fe alloying with 
siderophile elements such as S and Ni results in Fe isotope frac-
tionation during metal-silicate equilibration (Shahar et al., 2015;
Elardo and Shahar, 2017), but a more complete picture of the com-
positional effects on and causes of this fractionation has been lack-
ing. Here we present new experimental data on the effects of Si in 
planetary cores on Fe isotope fractionation between metal and sil-
icate, and we examine (1) the cause of metal-silicate fractionation 
of Fe isotopes observed in the broader experimental literature from 
a metallic structure perspective, (2) the discrepancies in results 
between previous low-pressure experimental work (Poitrasson et 
al., 2009; Hin et al., 2012) and our own, and (3) the implications 
of this fractionation for the Fe isotope compositions of planetary 
mantles.

2. Experimental and analytical methods

2.1. Piston-cylinder experiments

Iron isotope exchange experiments were conducted at the Geo-
physical Laboratory (GL), Carnegie Institution of Washington. The 
silicate composition (Table 1) was the same 54Fe spiked peridotite 
mix used by Elardo and Shahar (2017) and similar to that used by 
Shahar et al. (2015). Starting metal compositions were Fe91Si9 and 
Fe95.5Si4.5. Starting materials had a bulk Earth-like metal/silicate 
ratio (32 wt.% metal) with the exception of PC 1529, which had 
∼20 wt.% metal. Experiments were conducted using a 1/2 inch 
diameter Boyd-England-style end-loaded piston cylinder. Experi-
ments were run in talc-Pyrex cells with straight-walled graphite 
heaters at 1 GPa and 1850 ◦C. Inner parts were MgO with the ex-
ception of the thermocouple sheath, which was Al2O3. Stainless 
steel base plugs were enclosed by pyrophyllite sheaths. All MgO 
inner parts were dried at ∼900 ◦C for at least 1 h and were stored 
in a drying oven at ∼105 ◦C. Starting materials were loaded into 
high-purity graphite capsules and were stored in a desiccated dry-
ing oven at ∼105 ◦C typically for many days before use. Lead-foil 
and a MoS2 suspension were used for lubrication within the pres-
sure vessel. Experiments were pressurized cold to ∼1.25 GPa to 
promote a more complete compression of the cell prior to heat-
ing. Pressure was added as the cell compressed during heating to 
maintain the pressure of interest. Temperature was monitored with 
a type C (W5Re95/W26Re74) thermocouple. Experimental durations 
ranged between 0.5–3 h. Runs were quenched by cutting power to 
the assembly and cooled to ∼150 ◦C in ∼10–15 s.

2.2. Silicon drift detector–energy dispersive spectrometry (SDD–EDS)

A portion of each run product was mounted in epoxy and 
polished flat. The compositions of the silicate and metal phases 
were determined via SDD-EDS analyses using the JEOL 6500F field–
emission scanning electron microscope at GL equipped with an 
Oxford X-Max 80 mm2 Si drift detector. Although traditional EDS 
analysis is semi-quantitative at best, SDD-EDS analysis is equiva-
lent to wavelength dispersive spectrometry analysis in both preci-
sion and accuracy for major and most minor elements.

Samples were coated with Ir to a thickness of <1 nm. A sam-
ple of 99.995% pure Fe metal was re-polished and coated alongside 
each round of experiments for use as an analytical blank to assess 
C surface contamination. After coating, all experiments and the 
C-blank were cleaned with an Evactron 25/45 RF oxygen plasma 
cleaner immediately prior to SDD-EDS analyses to remove C sur-
face contamination; however, some surface C survived through to 
the analyses. Metal analyses were made by collecting an SDD-EDS 
spectrum for 50 s at operating voltage of 15 kV and a beam cur-
rent of 1 nA with a spot size of ∼12 × 12 μm. Standards were 
pure Fe-metal, pure Ni metal, and graphite. Two Fe metal samples, 
Si metal, and SiC were used as secondary standards. The amount of 
C surface contamination was determined via analyses on the blank 
and the average C content from these analyses was subtracted from 
the total C detected in analyses of experimental alloys, typically re-
sulting in analytical totals close to 100 wt.%. Silicate analyses were 
made using quantitative mapping mode at 1 nA over an area of 
∼ 100 × 100 μm with a counting time of 1 ms per pixel. Stan-
dards were pyrope, diopside, cossyrite, and Al-rich enstatite, and 
secondary standards were a basaltic glass and San Carlos olivine.

2.3. Multiple-collector inductively-coupled plasma mass spectrometry 
(MC-ICP-MS) analyses

The remaining portion of each run product was crushed in an 
agate mortar and pestle. Metal and silicate phases were hand-
picked under a binocular microscope and were easily discernible. 
Silicate separates were further purified with a strong magnet to 
ensure no contamination from small metal inclusions. Phase disso-
lutions and anion exchange chromatography procedures followed 
those of Craddock and Dauphas (2011). Phase separates and geo-
standards were dissolved in a three-step process: (1) 1 ml of 
concentrated HF + 0.5 ml of concentrated HNO3, (2) 0.75 ml of 
concentrated HCl + 0.25 ml of concentrated HNO3, and (3) 1 ml 
concentrated HCl + 0.5 ml concentrated HNO3. During each step, 
solutions were kept in closed Savillex beakers on a hot plate at 
∼150 ◦C overnight and were then dried down before the addition 
of new acids. After step (3), the samples were dissolved in 0.5–5 
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Table 1
Chemical compositions of experimental run products.

Expt. # Phase T
(◦C)

P
(GPa)

Duration 
(h)

Starting metal SiO2 Al2O3 FeO MgO CaO Fe Si Ccorr Total

PC 1350 Silicate 1850 1 0.5 None 47.56 3.83 5.69 37.07 5.20 99.35
S. D. 0.55 0.14 0.06 0.62 0.21

PC 1514 Silicate 1850 1 0.5 51.75 3.59 0.47 35.79 5.33 96.95
S. D. 0.26 0.01 0.26 0.19 0.02 0.62
Metal Fe91Si9 90.3 4.95 4.43 99.70
S. D. 0.48 0.11 0.54 0.77

PC 1529 Silicate 1850 1 0.5 51.0 3.78 0.60 35.3 5.47 96.89
S. D. 0.38 0.15 0.05 0.47 0.14 0.65
Metal Fe91Si9 90.0 1.40 6.00 97.41
S. D. 1.23 0.27 1.06 0.72

PC 1567 Silicate 1850 1 2 52.4 3.79 0.75 38.2 5.50 100.65
S. D. 0.23 0.03 0.03 0.14 0.03 0.39
Metal Fe95.5Si4.5 93.2 0.87 5.02 99.10
S. D. 0.58 0.04 0.67 0.97

PC 1570 Silicate 1850 1 0.5 52.3 3.86 0.79 38.1 5.59 100.68
S. D. 0.29 0.05 0.22 0.11 0.04 0.41
Metal Fe95.5Si4.5 93.1 0.82 5.85 99.74
S. D. 0.78 0.05 0.53 0.65

PC 1585 Silicate 1850 1 1 52.7 3.90 0.90 37.9 5.54 100.88
S. D. 0.43 0.09 0.12 0.28 0.04 0.68
Metal Fe95.5Si4.5 92.5 0.90 5.97 99.40
S. D. 0.59 0.10 1.04 1.13

Starting silicate composition (PC 1350) is from Elardo and Shahar (2017).
Values are in wt.%.
Ccorr = carbon in alloy after correction for C surface contamination.
ml of 6M HCl, depending on Fe concentration, for column chem-
istry. Iron was purified using 1 ml of BioRad AG-1X8 200–400 
mesh pre-cleaned resin loaded in BioRad Poly-Prep columns. Be-
tween 0.1 and 0.5 ml of sample in 6M HCl was added to the 
columns and after elution of matrix elements, the sample was col-
lected in 0.4M HCl. Purified Fe was then dried down, redissolved in 
6M HCl, and the column chemistry was repeated with new resin. 
Afterward, purified Fe was dissolved in 5 ml of 0.3M HNO3 for iso-
topic analysis.

Isotopic analyses were conducted in pseudo-high-resolution 
mode on the Nu Instruments Plasma II MC-ICP-MS at GL, which 
has a fixed array of 16 Faraday collectors each with a 1011 �

amplifier. Samples and the standard (IRMM-524a) were analyzed 
at a concentration of ∼2.5–4 ppm 56Fe in 0.3M HNO3 solutions. 
Instrumental mass fractionation was corrected for using sample-
standard bracketing and interferences on 54Fe+ , 56Fe+ , and 57Fe+
from ArN+ , ArO+ , and ArOH+ , respectively, were fully resolved us-
ing a 30 μm source slit and variable slits before the electrostatic 
analyzer filter. Mass resolution of ∼10,000 was estimated using 
56Fe. 53Cr was measured simultaneously and the 54Fe voltage was 
corrected for the 54Cr interference. Samples were analyzed 10–20 
times with each analysis consisting of 20 cycles of ∼4 s integra-
tions. Metal and silicate samples were always measured back to 
back on the same day.

3. Results

Experiments resulted in assemblages consisting of FeO-poor 
peridotite melt in equilibrium with molten Fe–Si–C-alloys (Fig. 1, 
Table 1). As expected, the Si-bearing starting metal compositions 
resulted in some reduction of FeO in the silicate melt and the 
oxidation of Si0. The FeO contents of peridotite melts in our ex-
periments ranged from 0.47 to 0.90 wt.%. The Fe-alloys contained 
between 0.82 and 4.95 wt.% Si (1.34–8.14 atom % Si). Similar chem-
ical compositions of metal and silicate melts across similar exper-
iments of different durations (Table 1) indicated that 30 min was 
sufficient to reach chemical equilibrium.
Fig. 1. Backscattered electron (BSE) images of two experiments from this study. 
Black regions are epoxy or graphite from the sample capsule. Gray regions are 
quenched melt and the bright regions are Fe–Si–C-alloy. The patchy discoloration 
on the surface of some of the alloys is oxidation from polishing and black inclu-
sions in the alloys are graphite from the sample capsule.

Isotopic equilibrium was tested with the three-isotope ex-
change method (Shahar et al., 2008, 2017) and a time series. 
For each experiment reported here, both silicate and metal frac-
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Table 2
Iron isotopic compositions of geostandards and experimental run products.

Sample Phase n δ56Fe 
(�)

2SE δ57Fe 
(�)

2SE �56Fe 
(�)

2SE �57FeMetal-Silicate
(�)

2SE

Geostandards
AGV-2 14 0.077 0.016 0.129 0.037 −0.010 0.027
Accepted valuesa 0.105 0.011 0.146 0.016
BIR-1 16 0.052 0.042 0.054 0.074 0.016 0.027
Accepted valuesa 0.053 0.015 0.087 0.023
BHVO-2 14 0.088 0.018 0.191 0.026 −0.042 0.026
Accepted valuesa 0.114 0.011 0.174 0.016

Experiments
PC 1514 Silicate 13 −1.545 0.049 −1.344 0.062 −0.634 0.018 0.072 0.085

Metal 10 −1.512 0.032 −1.272 0.059 −0.650 0.035

PC1529b Silicate 11 −2.770 0.029 −2.552 0.048 −1.040 0.030 −0.013 0.054
Metal 11 −2.765 0.022 −2.565 0.025 −1.026 0.019

PC1567 Silicate 10 −1.425 0.027 −1.178 0.038 −0.626 0.017 −0.012 0.063
Metal 10 −1.422 0.025 −1.190 0.050 −0.616 0.036

PC1570 Silicate 10 −1.400 0.027 −1.230 0.051 −0.566 0.027 0.059 0.061
Metal 11 −1.366 0.025 −1.171 0.034 −0.572 0.022

PC 1585 Silicate 19 −1.399 0.014 −1.170 0.028 −0.605 0.026 0.059 0.047
Metal 20 −1.335 0.017 −1.111 0.038 −0.582 0.026

a Values from Craddock and Dauphas (2011).
b A lower metal/silicate in this experiment resulted in more negative δ57Fe values than other experiments.
tions had the identical �56Fe values (i.e., departures from mass-
dependency) within analytical error, indicating they lie on the 
same secondary mass fractionation line (Table 2). Additionally, 
three experiments ranging in duration from 0.5 to 2 h resulted 
in identical �57FeMetal-Silicate within analytical error. Therefore, we 
conclude that the experiments reported here closely approached 
isotopic equilibrium. Two recent studies have argued that complex 
kinetic pathways to equilibrium in three isotope exchange experi-
ments would create difficulties in determining the correct equilib-
rium fractionation factor between two phases (Cao and Bao, 2017;
Bourdon et al., 2018); however, such concerns are only relevant for 
studies in which an extrapolation to a secondary fractionation line 
using a series of unequilibrated experiments is used and are thus 
not relevant for our group’s work. The Fe isotopic fractionation 
between metal and silicate (i.e., �57FeMetal-Silicate = δ57FeMetal −
δ57FeSilicate) for these experiments range between −0.013 ± 0.05�
(2SE) and 0.072 ± 0.085� (Fig. 2, Table 2). Analyses of the AGV-2, 
BIR-1, and BHVO-2 geostandards were similar to accepted val-
ues.

4. Discussion

4.1. Does Si in planetary cores have an effect on Fe isotope fractionation 
at low pressure?

The results of our experiments containing Fe–Si–C-alloys are 
consistent with previous results from our group for experiments 
with S- and Fe–Ni-alloys (Fig. 3), but with the exception of one 
experiment, do not show resolvable effects on their own. The 
�57FeMetal-Silicate at 1850 ◦C of the experiment containing the most 
Si-rich metal is the highest among our Si-bearing experiments. The 
fractionation is 0.072 ± 0.085� and falls on the trend in the 
Ni- and S-bearing experiments (Fig. 3), although this experiment 
is not resolved from 0�. These results do not definitely demon-
strate an effect attributable to Si. However, their consistency with 
previous experiments combined with the observations Fe isotope 
fractionation between silicates and Fe–Si metal in aubrite mete-
orites (Jordan et al., 2019) suggests that experiments with higher 
Si in Fe alloys may follow the behavior suggested by Elardo and 
Shahar (2017) wherein elements that substitute for Fe in the al-
loy structure drive Fe isotope fractionation. As only one of the 
Si-bearing experiments had a �57FeMetal-Silicate at 1850 ◦C greater 
Fig. 2. Metal–silicate fractionation factors at 1850 ◦C and 1 GPa for Fe isotope ex-
change experiments vs. the amount of Si in at. % in the Fe-alloy. Uncertainties are 2 
standard errors.

than 0� outside of uncertainty, it is difficult to draw any defini-
tive conclusions from this dataset alone. Experiments with greater 
amounts of Si in the alloy were attempted but are not reported 
due to the large analytical uncertainties on the isotopic composi-
tions of the silicate fractions. The recovery of sufficient metal-free 
silicate to enable robust analyses was extremely challenging due 
to the low FeO abundances in the melt. In sections below, we will 
consider the new Si-bearing experiments alongside previous exper-
iments from our group and others in an attempt to elucidate the 
causes of Fe isotopic fractionation behavior and its consequences 
for the smaller terrestrial planets and asteroids.

4.2. Iron isotope fractionation during core formation: a metallic 
structural effect?

The structures of metallic liquids offer insights into the Fe 
isotopic fractionation behavior observed in experiments. Core-
relevant metallic liquids with and without light elements (i.e., S, 
Si, C) have been studied in situ using synchrotron X-ray diffrac-
tion (e.g., Sanloup et al., 2000, 2002, 2004; Kono et al., 2015;
Shibazaki et al., 2015). Radial distribution functions derived from 
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Fig. 3. Metal–silicate fractionation factors at 1850 ◦C and 1 GPa for Fe isotope ex-
change experiments as a function of the total amount of non-Fe elements in the 
Fe-alloy (a) and the total amount of non-Fe elements that substitute for Fe atoms 
in the Fe-alloy structure (i.e., Ni, S, Si) (b). Solid and dashed lines are least-squares 
linear regressions and 95% confidence envelopes, respectively. The Fe–C data are 
not included in the regression in (b) (see section 4.3). The Fe–Si–C data are from 
this work. The Fe–Ni–S–N experiments are from Shahar et al. (2015) corrected 
to 1850 ◦C using the 1/T 2 relationship. The Fe–C and Fe–Ni–C experiments are 
from Elardo and Shahar (2017). The single Fe–Ni–C–S experiment is PC-564b from 
Poitrasson et al. (2009) corrected to 1850 ◦C. Uncertainties are 2 standard errors.

these measurements have shown that Fe-rich metallic liquids re-
tain short- to medium-range order and allow for the determina-
tion of nearest neighbor atomic distances (r1). This is potentially 
insightful for isotopic studies, as bond stiffness affects a phase’s 
preference for light vs. heavy isotopes of an element, with shorter, 
stiffer bonds generally favoring heavy isotopes (e.g., Young et al., 
2015).

Between ambient pressure and ∼5 GPa, and ∼1200 to 2000 ◦C, 
r1 is not strongly dependent on either pressure or temperature, but 
it does exhibit a correlation with composition. Nearest neighbor 
distances in molten alloys decrease linearly from ∼2.58 to ∼2.51 Å 
with increasing abundances of alloying elements from 0 to ∼40 
at.% (Fig. 4). Similar to �57FeMetal-Silicate values (Fig. 3), the r1 dis-
tances of molten Fe-rich alloys appear to be dependent on the total 
abundance of impurity elements in the molten Fe-alloy, indepen-
dent of the identity of the elements within the resolution of the 
measurements. Therefore, we suggest that shortening of Fe bonds 
in molten Fe-alloys due to the addition of alloying elements may 
be the primary mechanism for our observed Fe isotope fractiona-
tion behavior. This effect would be directly relevant to core-mantle 
equilibration in the Moon, Mercury, differentiated asteroids such as 
Vesta, and low-pressure core formation on Mars. There appears to 
be a structural transition in molten Fe-alloys at ∼5 GPa, near the 
Fig. 4. A plot of nearest neighbor distances in Å for Fe atoms in molten Fe and Fe-
alloys as a function of the total amount of non-Fe elements in each alloy. Solid and 
dashed lines are a least-squares linear regression and 95% confidence envelope, re-
spectively. Data for molten Fe are from Sanloup et al. (2000) and Kono et al. (2015). 
Data for molten Fe–C-alloys is from Shibazaki et al. (2015). Data for molten Fe–Si 
and Fe–S-alloys are from Sanloup et al. (2002). For comparison, pure molten Ni has 
an r1 of ∼2.49–2.48 Å (Schenk et al., 2002).

bcc-fcc-liquid triple point (Sanloup et al., 2000; Kono et al., 2015;
Shibazaki et al., 2015). It is unclear what effect this structural tran-
sition will have on Fe isotope fractionation; however, we note that 
the transition results in further shortening of r1, so it is possible 
that pressures >5 GPa could enhance Fe isotope fractionation. This 
model is not without some assumptions and complexities that re-
quire experimental verification. We assume that Ni has the same 
effect on r1 as S, C, and Si. To our knowledge, there are no similar 
studies on the effect of Ni on r1 in Fe-rich alloys. However, the r1
distance in pure molten Ni (∼2.48–2.49 Å; Schenk et al., 2002) is 
shorter than that in pure Fe, so this assumption may be valid.

4.3. Substitutional vs. interstitial element partitioning

Elardo and Shahar (2017) proposed that elements which sub-
stitute for Fe in the alloy structure, such as Ni, S, and Si, have a 
greater effect on the bonding environment of Fe atoms and the 
magnitude of Fe isotope fractionation than elements such as C 
and N, which partition into interstitial sites in the Fe-alloy. This 
model is supported by a few lines of evidence. The expectation 
from first principles is that metals should favor heavy Fe isotopes 
relative to silicates. Metallic bonds have delocalized, itinerant elec-
trons which form shorter and stiffer bonds than localized electrons, 
and thus metallic bonds should favor heavy Fe isotopes over Fe–O 
bonds in silicates (Young et al., 2015). However, if we regress the 
metallic compositional effect on �57FeMetal-Silicate in terms of the 
total amount of impurities in the metal, we would predict that 
the δ57Fe of pure Fe should be significantly lighter than silicate 
melt by >0.2� at 1850 ◦C (Fig. 3a). This regression would also 
predict a sign change in �57FeMetal-Silicate at ∼18 at.% total impuri-
ties, which has no foundation in theory. Alternatively, if we regress 
the metallic compositional effect in terms of the total amount of 
only substitutional impurities (Fig. 3b), we predict no sign change 
and that all Fe-alloys should be heavier than silicate melt, in line 
with the expectations from first principles. At 1850 ◦C, the com-
positional effect of substitutional impurities can be expressed by 
following relationship:

�57FeMetal-Silicate = 0.0120 ∗ XSub + 0.0176, R2 = 0.89 (1)
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where XSub is the total at.% of substitutional elements (i.e., Ni, S, 
and Si) in the metal phase. This regression includes all experiments 
in Fig. 3 with the exception of the Fe–C set, which contain no sub-
stitutional impurities in the Fe-alloys. We can also parameterize 
�57FeMetal-Silicate to include the effect of temperature, as equilib-
rium stable isotope fractionation scales as 1/T 2:

�57FeMetal-Silicate = 5.41 ∗ 104 ∗ XSub + 7.93 ∗ 104

T 2
(2)

where T is temperature in K. Interestingly, the effects of individual 
element impurities on �57FeMetal-Silicate are more tightly correlated 
in the substitutional-only regression than in the all-impurity re-
gression (Fig. 3b). This is consistent with the data presented in 
Fig. 4, which shows that all impurities in Fe-alloys have essen-
tially the same effect on nearest neighbor distance in the alloy. 
Therefore, we conclude that Equation (2) most accurately describes 
the effects of composition and temperature on the magnitude of 
Fe isotope fractionation between molten Fe-rich metal and molten 
peridotite based on currently available data. This is also consis-
tent with the compositions of magmatic iron meteorites, which are 
nearly ubiquitously heavy (Poitrasson et al., 2005; Williams et al., 
2006), with metal–silicate fractionation observed in aubrite me-
teorites that contain Fe–Si-alloys (Jordan et al., 2019), and with 
the fractionation observed in pallasite meteorites (Poitrasson et al., 
2005).

A complexity in this model is that the presence of C in Fe-
alloys also appears to shorten nearest neighbor distances with a 
similar effect to S and Si (Fig. 4), yet apparently does not have 
a corresponding effect on Fe isotope fractionation. The reason for 
this behavior is unknown and more work is needed to further in-
vestigate the effects of interstitial elements.

4.4. Reconciling differing experimental results from the literature

Groups investigating equilibrium Fe isotope fractionation during 
core formation have come to disparate conclusions using simi-
lar techniques. Using piston-cylinder and multi-anvil experiments, 
Poitrasson et al. (2009) and Hin et al. (2012) argued that metal-
silicate equilibration does not result in a resolvable fractionation of 
Fe isotopes. Conversely, Shahar et al. (2015) and Elardo and Shahar
(2017) found resolvable, relatively large fractionations that corre-
lated with the composition of the metal phase. Here we attempt 
to reconcile these observations.

Poitrasson et al. (2009) presented the results of seven experi-
ments designed to investigate Fe isotope fractionation. Their start-
ing materials consisted of a devolatilized chondrite composition 
with one exception in which S was not present in the system. Six 
of the seven experiments were conducted at 2000 ◦C and ranged 
in pressure from 2–7.7 GPa, with durations between <2 min and 
10 min. The average �57FeMetal-Silicate of those six experiments was 
0.047 ± 0.063�, despite the fact that the Fe-alloys contained Ni 
and S.

The seventh experiment from Poitrasson et al. (2009) is infor-
mative in resolving this discrepancy. That experiment (PC-564b) 
was conducted at 1750 ◦C, 1 GPa, and most importantly, at 30 min 
it was their longest duration experiment. The bulk metal phase 
consisted of a C-rich Fe–Ni–S melt. An immiscible S-rich Fe–Ni–
C melt was also present; however, the C-rich melt was far more 
abundant so it likely controlled the measured metal composition. 
Although Poitrasson et al. (2009) did not discuss the results of 
this experiment in detail, it yielded a �57FeMetal-Silicate of 0.134 ±
0.101� and is their only fractionation factor resolved from 0�. 
This value agrees well with our group’s results (Fig. 3). Shahar 
et al. (2015) showed that an experiment conducted for 5 min at 
1650 ◦C and 1 GPa did not come to isotopic equilibrium, as re-
vealed by the three-isotope exchange method. Furthermore, Shahar 
et al. (2008) demonstrated that chemical equilibrium is reached 
faster than isotopic equilibrium in isotope exchange experiments, 
making a sufficiently long time series of the utmost importance. 
The shortest experiment in the time series from Elardo and Sha-
har (2017), lasting 30 min at 1850 ◦C, did achieve equilibrium and 
had the same �57FeMetal-Silicate as longer runs up to 3 h. The ex-
perimental temperatures cannot fully explain the differences in the 
Poitrasson et al. (2009) results. Adjustment of the �57FeMetal-Silicate
of 0.134 � at 1750 ◦C to 2000 ◦C using a 1/T 2 relationship re-
sults in a �57FeMetal-Silicate of 0.11�, which is higher than the 
average of their 2000 ◦C experiments by more than a factor of 
two. We conclude that it is likely PC-564b is the only experiment 
from Poitrasson et al. (2009) that achieved isotopic equilibrium 
and therefore we have included it in our compositional regression 
(Fig. 3 and Eqs. (1) and (2)).

Hin et al. (2012) presented the results of ten experiments de-
signed to investigate fractionation at lower temperature. In order 
to lower the melting point of their Fe-alloys to below their run 
conditions of 1250–1300 ◦C and ∼1 GPa, they added ∼25 wt.% 
Sn to their metal starting materials. Capsules were either graphite, 
which introduced C into the Fe–Sn-alloys, or SiO2 glass. Durations 
were between 0.4 and 16 h and equilibrium was assessed with 
a time series. The largest deviation from 0� in �56FeMetal-Silicate
outside of uncertainty observed by Hin et al. (2012) was 0.02�
in a single experiment at 1250 ◦C and therefore they argued that 
core formation would not result in a detectable fractionation of Fe 
isotopes.

The experiments of Hin et al. (2012) are difficult to interpret 
for a few reasons. Firstly, the phase relations in the Fe–Sn–C sys-
tem are poorly known. If we consider the C-free ambient pressure 
Fe–Sn binary phase diagram (Hansen, 1958), the alloys in their ex-
periments at 1250–1300 ◦C should have been below the liquidus. 
The added pressure of the experiments should increase the liq-
uidus temperature, so it is likely that the Hin et al. (2012) experi-
ments contained two Fe–Sn phases. Backscattered electron images 
clearly showed two metallic phases in at least one experiment, 
although the composition of only one phase is reported. This fea-
ture was interpreted to be the result of exsolution upon quench; 
however, the morphology of the coexisting alloys in their images 
(fully separated, discrete phases with smooth boundaries; Fig. 1c 
in Hin et al., 2012) indicate it is more likely to be an equilibrium 
feature. Together, these observations make it difficult to interpret 
the compositional relationships of the metallic phases relative to 
the isotopic compositions. Secondly, the effects of Sn in Fe-alloys 
on the fractionation of Fe isotopes are difficult to determine. The 
metallic radii difference between Sn and Fe leaves the former on 
the very upper edge of the substitutional alloy “favorable zone” 
defined by Hume-Rothery (1966), which is the range in metallic 
radii that are favorable to the formation of a substitutional alloy 
with Fe. However, Sn does not appear to have the same effect 
on Fe isotopic fractionation that has been demonstrated by our 
experiments for other substitutional elements (Fig. 3b). One pos-
sibility is that Sn affects the structure of the Fe–Sn-alloys in a way 
that differs from Ni, S, and Si. The Fe–Sn phase diagram shows a 
complex liquidus topology, including a region of two-liquid immis-
cibility, indicative of non-ideal mixing between Fe and Sn. Because 
the effects of Sn on the bonding environment of metals are poorly 
known, we strongly advise against the use of Sn in future experi-
mental studies of isotope fractionation.

Another possibility for the results in Hin et al. (2012) is incom-
plete separation of the metal and silicate phases. It is useful to 
remember that measured fractionation factors in isotope exchange 
experiments are minimum values, as impure phase separates will 
artificially produce fractionation factors closer to 0� than the true 
value. Whatever the cause, the results of Hin et al. (2012) are in-
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consistent with multiple other piston cylinder studies (Shahar et 
al., 2015; Elardo and Shahar, 2017) and thus we have not included 
their data in our regressions.

4.5. Estimates of the iron isotope compositions of planetary mantles 
using experiments

Appropriate values of �57FeMetal-Silicate to model core forma-
tion were calculated using Eq. (2). Estimated ranges of core-
mantle equilibration temperatures were 2050–3350 K for the 
Moon, 1900–2300 K for Mars, and 1725–2000 K for Vesta (Righter 
and Drake, 1996; Righter and Chabot, 2011; Pringle et al., 2013; 
Steenstra et al., 2016a, 2016b). Estimated ranges for Xsub in 
at.% in planetary cores were 7.9–61.7 for the Moon, 8.0–36.4 
for Mars, and 7.5–28.4 for Vesta (Dreibus and Wänke, 1980;
O’Neill, 1991; Righter and Drake, 1996; Mittlefehldt et al., 1998;
Weber et al., 2011). We can then calculate a range of δ57FeMantle

for each planetary mantle with the isotope mass balance relation-
ship:

δ57FeBulk Planet = (
�57FeMetal-Silicate + δ57FeMantle

)

× (1 − f FeMantle) + δ57FeMantle × f FeMantle
(3)

where f FeMantle is the mass fraction of Fe in the bulk silicate por-
tion of each planetary body. Ranges for f FeMantle were calculated 
using estimates for the core mass fraction and bulk silicate Fe con-
tent of 0.024 and 5.51 wt.%, respectively for the Moon, 0.206 and 
13.4 wt.% for Mars, and 0.180 and 11.15 wt.% for Vesta (Dreibus 
and Wänke, 1985; Lodders and Fegley, 1997; Ruzicka et al., 1997;
Longhi, 2006; Russell et al., 2012; Steenstra et al., 2016b). We as-
sume that δ57FeBulk Planet is equal to the chondritic value of ∼0�. 
Our calculations update those presented by Elardo and Shahar
(2017) by incorporating our new experiments in Eqs. (1) and (2). 
We do not estimate Earth’s mantle because it is unlikely our ex-
periments at 1 GPa capture the appropriate bonding environments 
for Fe at terrestrial core formation conditions. The δ57Fe of the 
BSE (or at least the sampled upper mantle) is best constrained 
by the compositions of peridotite xenoliths (Dauphas et al., 2017), 
which have a strong peak in compositions δ57Fe = −0.039�, al-
though some mantle heterogeneity and uncertainty regarding the 
BSE value certainly exists (Poitrasson et al., 2013; Williams and 
Bizimis, 2014). Our model predicts that the δ57FeMantle is between 
−0.01� to −0.12� for the Moon, −0.06� to −0.33� for Mars, 
and −0.08� to −0.33� for Vesta. The model predicts a more re-
stricted range for the lunar mantle due to the small size of the 
lunar core (i.e., a high f FeMantle) and the ranges are a function of 
the ranges in estimates of core-mantle equilibration temperature 
and Xsub listed above.

4.6. Estimates of the iron isotope compositions of planetary mantles 
using samples

4.6.1. The Moon
Lunar basalts span a large range in δ57Fe from roughly chon-

dritic compositions in some picritic volcanic glasses to very heavy 
values in high-Ti basalts (Poitrasson et al., 2004; Weyer et al., 
2004), leading some workers to conclude that the heavy average 
composition of lunar basalts is indicative of a heavy bulk silicate 
Moon. Although the low-Ti mare basalt suite has been previously 
used to estimate the δ57Fe of bulk Moon (Poitrasson et al., 2004;
Dauphas et al., 2017), these samples are partial melts of lu-
nar mantle source regions that formed after significant amounts 
(>80%) of crystal fractionation in the magma ocean as evidenced 
by ubiquitous negative Eu anomalies. Even small (e.g., <0.1�) 
mineral-melt fractionation factors could cause significant Fe iso-
tope fractionation over the course of magma ocean fractional crys-
tallization (e.g., Wang et al., 2015). Thus, it is unlikely that the 
δ57Fe of low-Ti basalt source regions is similar to that of the bulk 
silicate Moon. Additionally, samples of the Mg-suite plutonic rocks 
have been used to estimate the composition of the lunar mantle 
because they have an Mg# close to that of the bulk Moon (Wang et 
al., 2015; Sossi and Moynier, 2017). However, the Mg-suite are cu-
mulate rocks, not magmatic liquid compositions, and their parental 
melts incorporated significant amounts of both crustal anorthosite 
and the highly geochemically fractionated KREEP reservoir (Papike 
et al., 1996; Elardo et al., 2011; Shearer et al., 2015), so their pos-
itive δ57Fe ranging from 0.05–0.10� (Sossi and Moynier, 2017) is 
reflective of Fe sourced from multiple geochemical reservoirs, some 
of which have been highly fractionated, and thus will not be reflec-
tive of the δ57Fe of the bulk silicate Moon.

In order to estimate the δ57Fe of a primitive lunar man-
tle source region, Elardo and Shahar (2017) used the δ57Fe of 
−0.027 ± 0.050� of the Apollo 15 green glass from Poitrasson et 
al. (2004). The Apollo 15 green glasses represent the most primi-
tive mantle melts from the Moon currently known (Longhi, 1992), 
so they are the lunar samples most likely to record a mantle 
δ57Fe close to the bulk silicate Moon value (also see Supplemen-
tary Information in Elardo and Shahar, 2017). Measured composi-
tions of the green glass are somewhat varied (Weyer et al., 2004;
Sossi and Moynier, 2017). This could be the result of variability in 
the five different magma compositions present in the green glass 
deposit or possibly the accumulation of isotopically light Fe de-
posited on glass bead surfaces during fire fountaining. The latter 
has been suggested to have affected the isotopic compositions of 
more volatile elements such as Zn (Kato et al., 2015); however, 
given that Fe is significantly less volatile than Zn, that the vol-
canic glass beads contain ∼3 orders of magnitude more Fe than 
Zn, and that glass bead coatings are volumetrically very small com-
pared to the beads themselves, it remains to be demonstrated that 
Fe in bead coatings has an effect on the measured δ57Fe of the 
glasses. Therefore, using the composition of the Apollo 15 green 
glass and the �57FeMantle-Melt of −0.07� estimated by Elardo and 
Shahar (2017) for melting of reduced mantles (see the Supple-
mentary Information in that study for rationale for this fraction-
ation factor), the δ57Fe of the green glass source region would be 
−0.10 ± 0.05�. We consider this value to be best sample-based 
estimate available for a primitive lunar mantle source region and is 
perhaps close to that of the bulk silicate Moon. This mantle value 
agrees well with the range predicted by our model (Fig. 5).

4.6.2. Mars
There is no obvious single basaltic shergottite that could be 

used to estimate the δ57Fe of the primitive martian mantle. Sossi 
et al. (2016a) corrected the measured δ57Fe of a suite of mar-
tian samples to account for accumulation of olivine and pyrox-
ene (assuming a �57FeMineral-Melt of −0.10�) to calculate parental 
melt compositions and subsequently the δ57Fe at the Mg# esti-
mated for the bulk martian mantle. Their estimate of the δ57Fe 
of the martian mantle is −0.04 ± 0.03�. Although Sossi et al.
(2016a) provided the best estimates for the δ57Fe values of mag-
mas parental to the martian meteorites available, they did not take 
into account fractionation during mantle partial melting. Experi-
mentally determined liquidus multiple saturation points for mar-
tian basalts indicate they are derived from mantle source regions 
consisting of olivine and low-Ca pyroxene (e.g., Musselwhite et 
al., 2006), so by definition that −0.10� fractionation must apply 
during mantle melting as well, as both fractionation during melt-
ing and subsequent fractional crystallization in the melt should 
have similar effects when the same phases are present. If we take 
the lightest (i.e., most primitive) δ57Fe for a martian parental liq-
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Fig. 5. A plot of estimates of the δ57Fe of the bulk silicate portions of Earth, the 
Moon, Mars, and Vesta. Shaded bars represent the ranges derived from our exper-
imental model of fractionation during core formation. Data points for the Moon, 
Mars, and Vesta are estimates of primitive mantle source regions derived from the 
δ57Fe values basaltic samples (see section 4.6). Data point for Earth’s mantle is the 
composition of the peak in the global peridotite dataset from Dauphas et al. (2017
and references therein). Gray bar is the 95% confidence interval for the average com-
position of all chondritic meteorites from Craddock and Dauphas (2011).

uid (LAR 06319) calculated by Sossi et al. (2016a) and apply a 
�57FeMantle-Melt of −0.10�, we calculate a δ57Fe of −0.12 ±0.04�
for its mantle source region, within the range predicted by our 
model (Fig. 5). Clearly there is heterogeneity in the martian man-
tle, given the scatter in Mg# vs. δ57Fe for martian parental liquids 
(Sossi et al., 2016a), which could be attributed to magma ocean 
crystallization, mantle mixing during convection, and/or previous 
episodes of melt extraction. However, we consider −0.12� to be 
a reasonable estimate for the δ57Fe of a primitive martian mantle 
source region.

4.6.3. Vesta
The δ57Fe values of non-cumulate eucrites likely have a differ-

ent relationship to the δ57Fe of the bulk vestian mantle than do 
basaltic samples from Earth, the Moon, and Mars. Eucrites have 
been proposed to represent partial melts of an undifferentiated, 
chondritic mantle (Stolper, 1977) or residual liquids from crys-
tallization of a magma ocean (Righter and Drake, 1997; Ruzicka 
et al., 1997). However, each of these models have difficulty ex-
plaining the bulk compositions of eucrites, their limited composi-
tional range, and/or their relationships to diogenites (Mandler and 
Elkins-Tanton, 2013). A variation of the magma ocean residual liq-
uid model proposed by Mandler and Elkins-Tanton (2013) showed 
that 60–70% equilibrium crystallization of a vestian magma ocean 
followed by extraction of the residual liquid to shallow magma 
chambers that are periodically recharged can explain the narrow 
compositional range in the eucrites while simultaneously produc-
ing diogenite cumulates. This model may also account for why the 
eucrites exhibit a narrow range in δ57Fe. Both equilibrium crystal-
lization of the vestian magma ocean and replenishment of eucrite 
magma chambers would limit the range in δ57Fe compared with 
that produced by fractional crystallization.
In all models of eucrite petrogenesis from a magma ocean, 
the non-cumulate eucrites with the lightest δ57Fe would be the 
most primitive, as fractionation during crystallization of the resid-
ual melts would enrich the melt in heavy isotopes (Weyer and 
Ionov, 2007; Craddock et al., 2013; Teng et al., 2013; Dauphas et 
al., 2014). Therefore, we use the δ57Fe of −0.035 ±0.042� the eu-
crite Juvinas (Poitrasson et al., 2004), the lightest δ57Fe measured 
for a non-cumulate eucrite, and the �57FeMantle-Melt of −0.07�
estimated by Elardo and Shahar (2017) to estimate the δ57Fe of a 
primitive mantle source region in Vesta to be −0.11 ± 0.04�. This 
primitive mantle source region composition agrees well with the 
mantle range predicted by our core formation model (Fig. 5).

4.7. Are volatile depletion processes recorded by iron isotopes?

Fractionations of Fe isotopes relative to chondrites in various 
planetary sample suites have been attributed by some workers 
to volatile depletion processes. Poitrasson et al. (2004) suggested 
that the Moon-forming giant impact may have fractionated Fe iso-
topes, leaving the residual silicate Moon and Earth heavy. Sossi et 
al. (2016a) suggested that fractionation during volatile loss events 
was more widespread and occurred in either the nebular or post-
nebular phase of accretion based on an apparent correlation be-
tween Fe/Mn and δ57Fe in basalts from Earth, the Moon, Mars, 
and Vesta, and in ureilites and angrites. However, neither model 
accounted for Fe isotope fractionation during core formation. Ad-
ditionally, the apparent correlation between Fe/Mn and δ57Fe is 
predicated, in part, on a heavy isotopic composition for Earth, 
which is still heavily debated (see Dauphas et al., 2017), and also 
implies that Vesta is one of the least volatile depleted differenti-
ated bodies despite geochemical evidence that it is one of the most 
depleted (e.g., Mittlefehldt, 1987), which suggest that the correla-
tion may be an artifact arising from the assumed bulk δ57Fe of 
each body.

In Fig. 6a we compare the Fe/Mn of Earth, the Moon, Mars, and 
Vesta (O’Neill and Palme, 2008) to peak δ57Fe value of terrestrial 
peridotites and the calculated δ57Fe of the mantle source regions 
of the Apollo 15 green glasses, basaltic shergottite LAR 06316, and 
the Juvinas eucrite. We do not consider the ureilites or angrites 
here because these meteorites groups have very complex miner-
alogy, geochemistry, and petrogenetic histories (e.g., Mittlefehldt 
et al., 1998) that do not make their δ57Fe easily relatable to the 
bulk δ57Fe of their parent bodies. Fig. 6a shows that there is no 
correlation between the δ57Fe of primitive mantle source regions 
and Fe/Mn that would be indicative of Fe isotope fractionation 
by volatile depletion. The δ57Fe and Fe/Mn of planetary mantles 
can be explained by a combination of isotope fractionation during 
core formation and elemental volatile depletion processes that do 
not affect Fe isotopes (Fig. 6a). Some Fe isotope fractionation via 
volatile depletion cannot be completely ruled out, as these pro-
cesses are not mutually exclusive, and in a δ57Fe vs. Fe/Mn plot 
these processes would qualitatively drive planetary mantles in dif-
ferent directions, making the deconvolution of their relative effects 
difficult.

Therefore, to further assess the possibility of Fe isotope frac-
tionation during volatile depletion, we consider three elemental 
ratios that are diagnostic of volatile depletion (Halliday and Por-
celli, 2001; O’Neill and Palme, 2008) but are not affected by core 
formation: Mn/Na, Rb/Sr, and K/U. Fig. 6b–d shows that there are 
no discernible correlations between the δ57Fe of planetary mantles 
and these ratios. In all cases, the δ57Fe of planetary mantles can 
be explained by a combination of the core formation process frac-
tionating Fe isotopes and volatile depletion processes affecting the 
elemental Mn/Na, Rb/Sr, and K/U without noticeably fractionating 
Fe isotopes.
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Fig. 6. Plots of the δ57Fe of primitive mantle sources regions for the Moon, Mars, and Vesta calculated from basalt data (see section 4.6) and the peak in the global peridotite 
dataset from Dauphas et al. (2017 and references therein) vs. bulk silicate ratios for various indices of volatile depletion, Fe/Mn (a), Mn/Na (b), Rb/Sr (c), and K/U (d). 
The volatile element ratio data for the chondrite data points are for CI chondrites, whereas the δ57Fe is the average for all chondrite groups. Ratios are from O’Neill and 
Palme (2008) and Halliday and Porcelli (2001). Arrows schematically indicate the directions that the processes of core formation, volatile depletion (V. D.) with Fe isotope 
fractionation, and volatile depletion without Fe isotope fractionation would move planetary mantles relative to chondrites.
4.8. Fe isotope evolution during planetary differentiation

Our schematic model for how Fe isotopes fractionate during ac-
cretion, differentiation, and mantle melting is shown in Fig. 7. The 
solar nebula was likely homogeneous in terms of Fe isotopes, as 
indicated by chondrites (e.g., Craddock and Dauphas, 2011). We 
do not find robust evidence of fractionation via volatilization dur-
ing planetary accretion (e.g., Fig. 6), though its effects may have 
been overprinted by other processes. Experiments show that frac-
tionation during core formation results in light mantles and heavy 
cores in the smaller planets and asteroids (Fig. 3). The higher tem-
peratures during Earth’s core formation and the effects of pres-
sure on the bonding environment of Fe appear to have resulted 
in little to no fractionation in Earth’s mantle, as evidenced by the 
global peridotite suite (e.g., Craddock et al., 2013; Dauphas et al., 
2017). The Fe isotope difference between abyssal peridotites and 
MORBs, and the very wide range in δ57Fe in lunar basalts demon-
strate that mineral-melt equilibrium enriches the melt in heavy 
isotopes. Fractional crystallization of the lunar magma ocean likely 
created a heterogeneous mantle and further fractionation during 
subsequent mantle partial melting produced the range observed 
in lunar basalts. The more restricted range in shergottites and 
basaltic eucrites may be the result of non-representative sampling 
from those bodies, re-homogenization during mantle convection 
on Mars, and/or more restricted fractionation during equilibrium 
crystallization of the vestian magma ocean.
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Fig. 7. A schematic model for the fractionation of Fe isotopes during planetary ac-
cretion, differentiation, and mantle melting (figure adapted from Sossi, 2017 based 
on the model presented by Elardo and Shahar, 2017). Planets and asteroids accrete 
from a nebula with the observed homogeneous Fe isotope composition of chon-
drites. Based on the lack of clear correlations between estimates of bulk planetary 
δ57Fe and elemental indicators of volatile depletion processes (Fig. 6), we infer 
no fractionation during accretion. Core formation fractionates Fe isotopes, result-
ing in heavy cores and isotopically light mantles, at least at relatively low pressure. 
Mineral-melt fractionation during magma ocean crystallization will result in hetero-
geneous mantles, especially in regimes where fractional crystallization dominates 
(e.g., the Moon). Mineral-melt fractionation will also occur during mantle partial 
melting, as is observed in abyssal peridotite and MORB samples and inferred for 
other planets. Melts are heavier than their mantle source regions to varying de-
grees based on redox state, degree of partial melting, and possibly other factors 
such as source mineralogy. Melting of isotopically light and possibly heterogeneous 
mantles in the Moon, Mars and Vesta gives rise to the observed range in basaltic 
compositions from those parent bodies.
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